The response of the ocean redox state to the rise of atmospheric oxygen about 2.3 billion years ago (Ga) is a matter of controversy. Here we provide iron isotope evidence that the change in the ocean iron cycle occurred at the same time as the change in the atmospheric redox state. Variable and negative iron isotope values in pyrites older than about 2.3 Ga suggest that an iron-rich global ocean was strongly affected by the deposition of iron oxides. Between 2.3 and 1.8 Ga, positive iron isotope values of pyrite likely reflect an increase in the precipitation of iron sulfides relative to iron oxides in a redox stratified ocean.
The rise of atmospheric oxygen, which began by about 2.3 Ga (1) (2) (3) , was one of the most important changes in Earth's history. Because Fe, along with C and S, are linked to and maintain the redox state of the surface environment, the concentration and isotopic composition of Fe in seawater were likely affected by the change in the redox state of the atmosphere. The rise of atmospheric oxygen should have also led to dramatic changes in the ocean Fe cycle because of the high reactivity of Fe with oxygen. However, deposition of banded iron formations (BIFs) during the Paleoproterozoic era suggests that the deep ocean remained anoxic, at least episodically, until about 1.8 Ga, which allowed high concentrations of Fe(II) to accumulate in the deep waters (4).
Here we use Fe isotope systematics (5) to provide constraints on the redox state of the Archean and Paleoproterozoic oceans and to identify direct links between the oxidation of the atmosphere and the Fe ocean cycle. Laboratory and field studies suggest that Fe isotope variations are associated mainly with redox changes (6, 7) . Lithogenic sources of Fe on the modern oxygenated Earth, such as weathering products, continental sediments, river loads, and marine sediments, have isotopic compositions similar to those of igneous rocks (8, 9) . In contrast, 3 seafloor hydrothermal sulfides and secondary Fe-bearing minerals from the altered oceanic crust span nearly the entire measured range of δ 56 Fe (5) on Earth from -2.1 to 1.3‰ (10, 11) . Large variations of δ 56 Fe (from -2.5 to 1.0‰) in Late Archean to Early Paleoproterozoic BIF have been also reported (12) highlighting the roles of ferrous Fe oxidation, fluid-mineral isotope fractionation, and potentially microbial processes in the fractionation of Fe isotopes.
Study of S isotope composition of sedimentary pyrite over geological time has placed important constraints on the S cycle and the evolution of ocean chemistry (13) and here we apply a similar time-record approach to explore potential change in Fe isotope compositions. Pyrite formation in modern organic-rich marine sediments is mediated by sulfate-reducing bacteria and proceeds essentially through the dissolution and reduction of lithogenic Fe-oxides and Fesilicates to Fe(II), either below the sediment-water interface or in stratified euxinic bottom waters (14) (15) (16) . During reduction of Fe-oxides, diagenetic fluids with isotopically light Fe(II) may be produced (17, 18) . However, the Fe isotope composition of sedimentary pyrite from Phanerozoic organic-rich sediments studied so far (Fig.1, Table S2, 19) suggests that such processes are unlikely to produce sedimentary pyrite with δ 56 Fe < -0.5‰. Presumably, most of reactive Fe is scavenged to form pyrite, minimizing Fe isotope fractionation regardless of the isotope effect during Fe reduction (17) and precipitation (20) . In contrast, when high concentrations of Fe (II) accumulate under anoxic conditions and low sulfide concentration, large δ 56 may occur due to partial Fe(II) oxidation, Fe(III) reduction and distillation processes during mineral precipitation. We thus hypothesize that Fe isotope variations in sedimentary pyrite are particularly sensitive to the concentration of dissolved Fe(II) and can be used to place important constraints on the sources and sinks of the Fe(II) reservoir. 4 We analyzed Fe isotope composition of sulfides in black shales ranging in age from
Precambrian to Late Cretaceous, specifically focusing on Late Archean to early Paleoproterozoic time ( Fig.1, 21 ). The emerged general pattern of Fe isotope record suggests that the Earth's history may be divided into three stages which are strikingly similar to the stages defined by the δ 34 S, ∆ 33 S, and δ 13 C records as well as other indicators of the redox state of the atmosphere and ocean (2, 3, 13, 22) .
Stage I extends from before 2.8 Ga to ca. 2.3 Ga and is characterized by highly variable and negative δ 56 Fe values. The entire range of δ 56 Fe between 0.5 to -3.5‰ is often observed within a single section of black shales but individual pyrite nodules from the same stratigraphic level have similar δ 56 Fe (Fig.2 ). Since dissimilatory Fe(III) reduction has been suggested to be important on the early Earth (23) and is known to produce significant Fe isotope fractionations (6, 24) , it can be hypothesized that these extreme Fe isotope fractionations were produced by this metabolic activity. Three independent observations argue against this hypothesis. First, Fe isotope fractionation during single-step bacterial reduction of Fe-oxides (with initial δ 56 Fe at 0‰) is unlikely to produce Fe(II) with δ 56 Fe of less than -1.3‰ (17) . Secondly, if δ 56 Fe as low as -3.5‰ can be generated through multiple steps of Fe oxidation and reduction, then the evidence for these processes should be evident in younger sediments, but they are not documented ( Fig.1 ).
In addition, bacterial Fe(III) reduction is expected to produce pyrite with locally highly variable negative δ 56 Fe depending on the extent of Fe(III) reduction and Fe(II) re-oxidation. Our samples (3, 13, 22, 31 
Analytical methods
Sample preparation: Clean rock chips were crushed between two plexiglass discs inside a
Teflon bag using a hydraulic press. Grains less than 5 mm in size were collected between 500 µm and 1.0 mm sieves and sulfide minerals were isolated by hand-picking under binocular microscope. For each sample, 15 to 20 grains corresponding to weight of 15 to 50 mg were picked in order to obtain a representative sulfide component. To test possible sample heterogeneity, we also separated well developed pyrite nodules, which were individually analyzed. Care was taken to select sulfide grains without organic carbon inclusions but, in some cases, inclusions were unavoidable and their abundance in each sample was qualitatively estimated. For Phanerozoic black shale samples containing only finely disseminated pyrite crystals and framboids, we used chemical leaching procedures to extract pyrite-Fe for Fe isotope analysis. The leaching procedure includes dissolution of silicates with 5 ml of concentrated HF followed by several leaching steps with 50% HCl. The solid residue contains mainly organic carbon and sulfides that are finally dissolved with concentrated HNO 3 .
Chemical purification: Samples were weighted in 15 mL Teflon beakers and dissolved using 5 mL of concentrated Trace-metal grade HNO 3 . After evaporation on a hot plate at 60°C, 2 complete dissolution and Fe oxidation was achieved by a second evaporation step using 5mL of aqua regia. Dry residue is then dissolved in 5 mL of 6N HCl by heating at 40°C in a closed vessel and ultrasonication. Trace organic carbon occurring mostly as impure inclusions within sulfides was not attacked by this procedure. After centrifugation and separation of C-rich material, a precise solution volume, corresponding to 2500 µg of Fe, was purified on Bio-Rad AG1X8 anion resin (2.5 mL wet bed). After 20 mL of 6N HCl was passed through the column to remove the matrix, 20 mL of 0.12N HCl was used to elute Fe. Eluted solution was then evaporated to dryness and dissolved with 1% HNO 3 to obtain 5 mL of 500 ppm solution. Instrumental mass bias is corrected using Ni isotopes as internal standard. This method, which has been proved to be reliable for the Neptune instrument, involves deriving the instrumental mass bias from simultaneous measuring Ni standard solution (S2). We also used the "sample-standard bracketing" technique to correct for instrumental mass discrimination by normalizing Fe isotope ratios to the average measured composition of the standard that was run before and after the sample (S3-S5) . Because the later method may be prone to matrix effects, combination of both methods permits to verify the absence of instrumental artifacts generated by residual matrix elements after chemical purification of samples. Ni isotopes were counted on the Faraday cups using the medium mass resolution mode as described previously (S1, S2). Baseline corrections were made before acquisition of each data block by completely deflecting the ion beam. Samples were analyzed once or twice and the internal precision of the data are given at 95% confidence levels based on the isotopic deviation of the bracketing standards analyzed during the same analytical session.
Several georeference materials (S6), including one banded iron formation (IF-G),
Hawaiian Basalt (BHVO-1) and Cr-rich ultramafic rock (DTS-1) were measured and results are given in Table S1 . The minimum age of the formation is constrained by the 1843 ± 10 Ma SHRIMP U-Pb monazite age of pepperites in the contact zone with subvolcanic dolerite sills (S11 Ma Gunflint Iron Formation (S14, S15). The Virginia Formation consists of upward-coarsening sequence of laminated mudstone, siltstone, and fine-grained greywacke (S16). Samples of carbonaceous mudstones with pyrite nodules were collected from the recently drilled drill hole VHD-00-1 in the Virginia Horn area which experienced very low metamorphic grade.
e) ca. 2.1-2.0 Ga Francevillian Series, Gabon
The age of the Francevillian Series is poorly constrained by 2036 ± 79 Ma and 2099 ± 115
Ma Sm-Nd ages of clay minerals (S17) and the 1950 ± 40 Ma age of the Oklo natural fission reactor (S18 
